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Studying how catchment erosion has responded to past climate change can help us better 16 
understand not only how landscape evolution operates, but also predict the consequences of 17 
future climate change on soil resource availability. Recent years have seen the development of 18 
tools that allow a quantitative assessment of past changes in catchment erosion. This work 19 
reviews the principles of the application of in situ-produced cosmogenic nuclides and uranium 20 
isotopes to quantifying past erosion rates. Results highlight the role of periglacial processes and 21 
mass wasting in dictating how catchment erosion responds to climatic variability at the 10-kyr 22 
scale. At the million-year scale, it is more difficult to untangle the role of climate and tectonics. 23 
A strong coupling exists at the 10-kyr to 100-kyr scales between climatic cycles and the transfer 24 
time of regolith from source to sink. This coupling reflects changes in sediment source that are 25 
either set by changes in vegetation cover at the catchment scale, or by the storage of sediments 26 
on continental shelves, at a larger scale. Although further analytical developments are required 27 
for these tools to reach their full potential, existing works suggest that in the near future, they 28 
will provide unprecedented quantitative insights on how soil and fluvial systems adapt to 29 
external perturbations (climatic, tectonic and/or anthropic). 30 




1 Introduction 32 
Climate variability is likely to have important consequences on water and soil resources (for 33 
instance, Ward et al., 2009). In order to better predict the evolution of these resources, it is 34 
essential to understand how erosion at the catchment scale (thereafter referred to as catchment 35 
erosion) responds to climate change. For instance, the degree of change in hillslope erosion in 36 
response to long-term variability in average rainfall (> 100 yr) needs to be quantitatively and 37 
spatially constrained in order to assess topsoil loss. Recent numerical models suggest that the 38 
soil-landscape response to climate change is non-linear and spatially variable, and that there can 39 
be a time lag of tens of thousands of years for the hillslope to adjust to new climatic conditions 40 
(Cohen et al., 2013).  41 
Previous studies that have investigated the impact of climate on erosion have drawn diverse 42 
conclusions. At a global scale, the increase in sedimentation rates (and thus erosion rates) at 3-4 43 
Ma was explained by a switch from low to high frequency climatic oscillations (Herman et al., 44 
2013; Molnar, 2004; Zhang et al., 2001). In this case, it is not so much the magnitude of climatic 45 
parameters such as rainfall that matters, but their variability. When investigating the links 46 
between erosion and rainfall, most studies have been pointing toward a positive relationship 47 
between the two. Bookhagen et al. (2005b) have shown that during periods of intensified 48 
monsoon in the western Himalaya, sediment yield increased by a factor of five compared to 49 
modern values. This was explained by an increase in landslide activity, and was observed across 50 
both decadal (Bookhagen et al., 2005a) and millennial timescales (Bookhagen et al., 2006; 51 
Bookhagen et al., 2005b). Enhanced erosion in the Himalaya during periods of intensified 52 
monsoon was also suggested at the Holocene (Clift et al., 2008) and Cenozoic timescales (Clift, 53 




Similar observations have been made in the Andes. For instance, Uba et al. (2007) have shown 55 
that sediment accumulation rates increased fourfold during a period of intensified monsoon in 56 
the late Miocene. In the Quaternary, Bookhagen and Strecker (2012) observed that erosion rates 57 
decreased by an order of magnitude between a humid late Pleistocene and modern-day dry 58 
conditions; while landslide activity (and thus sediment supply) has increased during humid 59 
periods of the late Pleistocene and the Holocene (Trauth et al., 2000; Trauth et al., 2003). More 60 
humid conditions have also been proposed to result in enhanced erosion in other tectonically-61 
active regions such as Taiwan (Hu et al., 2012). Quantitative models also support this 62 
relationship and predict higher sediment fluxes under humid conditions (Coulthard et al., 2000; 63 
Tucker and Slingerland, 1997). Tucker and Slingerland (1997) have shown that periods of 64 
increasing runoff result in more denudation, illustrated in the fluvial system by an expansion of 65 
the channel network, and aggradation followed by incision in the main channel. Coulthard et al. 66 
(2000) also showed that their model is capable of mimicking the fluvial structure of a catchment 67 
in the UK. 68 
Not all studies support a positive relationship between rainfall (or runoff) and erosion.Langbein 69 
and Schumm (1958) studied changes in sediment yield at the decadal scale across a broad range 70 
of climatic zones in the US. They showed that for rainfall values above a given threshold, the 71 
sediment yield decreases as a consequence of increased vegetation density and its role in 72 
stabilising slopes. In the Midwestern US (Knox, 1972) and in Texas (Blum and Valastro, 1989), 73 
silt deposited during humid periods of the Holocene suggested less energetic streams. 74 
Brakenridge (1980) has proposed that erosion was strongest at the beginning of Holocene little 75 
ice ages in the US and central Europe, and not during humid periods. In East Africa, Acosta et al. 76 




lower denudation rates than sparsely vegetated areas, despite higher median hillslope gradients. 78 
At the million-year timescale, Burbank et al. (1993) observed a decrease in erosion during a 79 
period of monsoon intensification 8 Myr ago and suggesting an increase in vegetation cover and 80 
slope stabilisation as a possible explanation (along with reduced tectonic activity and/or 81 
decreased glaciation). Derry and France-Lanord (1996) also proposed a decrease in erosion in the 82 
Ganges-Brahamaputra basin 7 Myr ago at a time of monsoon intensification, which they 83 
explained as a reduction in the tectonic uplift rate in the Himalaya. Finally, Willenbring and von 84 




Be ratio of oceans over the past 10 Myr. 85 
This lack of change was interpreted as evidencing constant weathering fluxes over this period of 86 
time and led the authors to question any increase in erosion rates in the late Cenozoic associated 87 
with more variable climatic conditions (Zhang et al., 2001).  88 
Quantitative models shed some light on why the erosion response to climate change can be so 89 
equivocal: Tucker and Slingerland (1997) showed that the drainage basin response to a change in 90 
runoff is non-linear. This is illustrated by recent works that have suggested that a resonance 91 
behaviour of the sediment flux exists with the period of the input precipitation signal (Godard et 92 
al., 2013; Jerolmack and Paola, 2010). The type of forcing signal can also induce variable 93 
responses. If discharge increases, the increase in sediment flux will be amplified by the river  94 
(Simpson and Castelltort, 2012). However, if sediment concentration increases without an 95 
increase in discharge (e.g. in the case of enhanced landsliding), the increase in sediment flux will 96 
be dampened by the river resulting in a low sediment flux at the outlet (Simpson and Castelltort, 97 
2012). Thus, because of the non-linear nature of the erosion response to climate change, looking 98 




reach a successful outcome. As a result, there is a strong need to be able to directly quantify how 100 
erosion has varied in the past, for instance in response to Quaternary climate change.  101 
Past erosion rates can be determined using (i) exhumation rates as a proxy, which are in turn 102 
quantified by thermobarometry of metamorphic rocks (e.g. Philpotts, 1990) or thermochronology 103 
(e.g. Shuster et al., 2005); (ii) incision into surfaces of known age (Abbott et al., 1997; Burbank 104 
et al., 1996); (iii) sedimentation rates into a closed basin (Hinderer and Einsele, 2001) or a 105 
marine delta (e.g. Worm et al., 1998); (iv) cosmogenic nuclides (e.g. Granger and Smith, 2000); 106 
or (v) river sediment load gauging (e.g. Summerfield and Hulton, 1994). The time resolution of 107 
these techniques varies from years (sediment load gauging) to millions of years 108 
(thermobarometry). Therefore, not all techniques are suitable to study the links between climate 109 
and landscape evolution. Furthermore, sedimentation rate studies can be affected by sediment 110 
preservation artefacts known as “Sadler effect” (Sadler, 1981; Willenbring and Jerolmack, 2015). 111 
Cosmogenic nuclides and uranium-series isotopes operate at a timescale similar to that of 112 
climatic cycles, thus offering the opportunity to study such links (Bierman, 1994; Bierman and 113 
Nichols, 2004; Bierman and Steig, 1996; Chabaux et al., 2008; Chabaux et al., 2003; Dosseto et 114 
al., 2008a; Dosseto et al., 2008b; Granger and Schaller, 2014; Handley et al., 2013a; Lal, 1991; 115 
Lee et al., 2010; Schaller and Ehlers, 2006; Schaller et al., 2004; Schaller et al., 2002; Vigier and 116 
Bourdon, 2011; Vigier et al., 2001; von Blanckenburg, 2006). Uranium-series isotopes and in 117 
situ-produced cosmogenic nuclides (thereafter referred simply as cosmogenic nuclides) both 118 
record the transfer of weathering products from source to sink (Figure 1). These isotopic 119 
techniques have allowed us to determine rates of soil production (e.g. Chabaux et al., 2013; 120 
Dosseto et al., 2012; Dosseto et al., 2008b; Heimsath et al., 1997; Ma et al., 2010), catchment-121 




Schaller, 2014; von Blanckenburg, 2006), floodplain storage times (Hippe et al., 2012), or the 123 
residence time of regolith in catchments (Chabaux et al., 2012; Chabaux et al., 2006; Dosseto et 124 
al., 2006a; Dosseto et al., 2006b; Dosseto et al., 2008a; Granet et al., 2010; Granet et al., 2007; 125 
Vigier et al., 2005; Vigier et al., 2001; Vigier et al., 2006). These tools have been applied to 126 
sedimentary deposits to determine palaeo-erosion rates (Charreau et al., 2011; Granger and 127 
Schaller, 2014; Schaller and Ehlers, 2006; Schaller et al., 2004; Schaller et al., 2002) or palaeo-128 
regolith residence times (DePaolo et al., 2012; DePaolo et al., 2006; Dosseto et al., 2010; 129 
Handley et al., 2013a; Handley et al., 2013b; Lee et al., 2010). 130 
The aims of this review article are (i) to present how cosmogenic nuclides and uranium isotopes 131 
operate at Earth surface and how they can be used to infer palaeo-erosion rates and palaeo-132 
regolith residence times, respectively (see Table 1 for a glossary of the terms used); (ii) to 133 
discuss results from cosmogenic nuclides and U isotope studies so far; and (iv) by putting these 134 
results in the context of other types of work, to discuss the erosion response to Quaternary 135 
climate change. While reviews on each technique already exist (for instance, see recent reviews 136 
by Dosseto, 2015; Granger and Schaller, 2014), this work is the first of its kind to 137 
comprehensively present the mechanics and limitations of the comminution dating technique and 138 
the application of cosmogenic isotopes to palaeo-erosion rates, and discuss how these tools 139 





2 Principles 142 
2.1 Comminution dating 143 
Uranium-238 (
238
U) decays into a series of radioactive products with 
206
Pb as the final, stable 144 
isotopic product. The 
238
U decay chain is composed of a series of daughter-parent systems where 145 
each daughter nuclide is the result of alpha or beta disintegration of the parent nuclide. Here we 146 
focus on the top chain of the 
238











Pa as intermediate products.  148 




U radioactive system 149 




U activities are equal. The activity of a nuclide is the 150 





U) is equal to unity (where parentheses denote activities throughout this article). A 152 




U, termed radioactive 153 




U) deviates from unity to an extent that depends on (i) 154 
the fractionation and (ii) the time elapsed since fractionation for a discrete process, or the rate of 155 





U have theoretically the same chemical behaviour, as illustrated by the 157 
absence of significant fractionation in igneous rocks, fractionation between these two isotopes at 158 
the Earth’s surface is observed as a consequence of several processes:  159 
1. Direct recoil of 234Th out of the mineral grain during decay of 238U and subsequent 160 
decay into its granddaughter 
234
U (Kigoshi, 1971). When 
238
U decays into 
234
Th, the 161 
daughter is displaced. This displacement (termed recoil length) is between 15 and 35 162 




from the mineral surface, a fraction of 
234
Th can be lost to the surrounding medium 164 
(air or water).  165 
2. Preferential leaching of 234U embedded in recoil tracks (Fleischer, 1980; Fleischer, 166 
1982). A fraction of recoiled 
234
Th can be embedded into adjacent minerals in recoil 167 
tracks, especially when the pore space is filled with air (Sun and Furbish, 1995). The 168 
234
U produced can then be easily leached out of the tracks when a solution fills the 169 
pore space (Andersen et al., 2009; Fleischer, 1980). Complete leaching of embedded 170 
nuclides occurs over a timescale as short as 200 years (Fleischer, 1980).  171 
3. Preferential oxidation of 234U compared to 238U. Computer simulations of the motion 172 
of recoiled 
234
Th have shown that in minerals with a low U content, there is a high 173 
probability for 
234
U to be found in the vicinity of oxygen atoms or radicals (Adloff 174 
and Roessler, 1991). As a result, 
234
U is more prone to oxidation to the hexavalent 175 
state, and thus to preferential mobilisation compared to tetravalent 
238
U.  176 
Initially, it was proposed that by determining the fraction of 
234
Th directly recoiled out of 177 
minerals, one could quantify the supply rate of 
234
U to the solution leaching these minerals 178 
(Kigoshi, 1971). However, it was later postulated that preferential leaching of embedded 
234
U is 179 
another important mechanism for the delivery of 
234
U to solutions (Fleischer, 1980). It is worth 180 
noting that although differentiating both mechanisms is important to accurately study the 181 




U, when studying the complementary depletion of 
234
U in 182 
residual solids (as it is the case below), such differentiation is not necessary. Indeed, although the 183 
estimation of recoiled 
234
Th can over-estimate the actual amount of 
234
U lost if a significant 184 
proportion is embedded into adjacent grains, it is exactly because these embedded nuclides are 185 
subsequently leached from recoil tracks that eventually all the 
234




from the minerals; whether directly recoiled in the water or embedded to another grain and later 187 
leached.  188 
Because activity ratios are time-sensitive, this allows us to determine time constraints on 189 
weathering processes. Early studies investigated qualitatively how to account for radioactive 190 
disequilibrium in soils (e.g. Rosholt, 1982; Rosholt et al., 1966). Latham and Schwarcz (1987) 191 
and later Scott et al. (1992), developed quantitative models that describe the evolution of nuclide 192 
abundances in weathered rock, soil or sediment. In Latham and Schwarcz (1987), an uranium-193 




U) ≤1 in weathered granitic rocks. In this 194 
model, the abundance of 
238
U in the solid material (rock, soil, or sediment) varies with time as 195 
follows:   196 
  197 
 (1) 198 
where N8 is the number of atoms of 
238




; see 199 
Table 2 for a definition of all parameters used). Loss of 
238
U via decay is neglected over the 200 
timescales of soil and fluvial processes (<1 Myr). 201 
For 
234
U, the equation is written: 202 
  203 
 (2) 204 
where N4 is the number of atoms of 
234
U, w4 and 4 are the leaching coefficient and decay 205 
constant for 
234
U, respectively (both in yr
-1





In Equation (2), it is assumed that all 
234
U produced by decay of 
238
U remains in the solid. 207 
However, as shown above, a fraction can be ejected via recoil. Scott et al. (1992) proposed a 208 
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 (3) 211 
where (1 - f4) represents the fraction of 
234
U that remains in the solid (Chabaux et al., 2008). 212 









U) activity ratio is then written: 214 
 (4) 215 




U) ratio at time t0 = 0, the inception of U isotope fractionation. 216 
This equation can be re-arranged to infer the time elapsed since t0: 217 
  218 





U are released at the same rate during mineral dissolution (w4 = w8), then Equation 220 
(5) simplifies to: 221 
  222 
 (6) 223 




U) activity ratio when loss of 
234
U by recoil 224 
is the dominant process fractionating U isotopes. The recoil length in common U-bearing 225 
minerals is between 15 and 35 nm (see below) and loss of 
234































































































































































































takes place within such a lengthscale of a mineral surface. Consequently, this process is only 227 
significant when the surface/volume ratio of the mineral is large. Typically, this occurs for grain 228 
sizes of a few tens of m or less. DePaolo et al. (2006, 2012) proposed to use Equation (6) to 229 
determine the time elapsed since inception of 
234
U loss by recoil, termed comminution age: 230 
  231 
 (7) 232 
Note that DePaolo et al (2006, 2012) denoted the 
234
U recoil loss fraction, f. However, to avoid 233 




Ra) have different loss fractions, we propose to note the 
234
U recoil loss fraction f4 (as in 235 
Equation (3)). 236 
In the context of weathering processes, the comminution age represents the time since the parent 237 
rock was reduced to fine-grained sediment (or comminuted) via physical and chemical 238 
weathering. Thus, this age encompasses the entire history of regolith at the Earth’s surface since 239 
its production from the parent rock: storage in the weathering profile, transport in the river with 240 
possible temporary deposition in an alluvial plain, and final deposition (in a fluvial terrace, 241 
palaeo-channel, lake or oceanic basin; Figure 2). If applied to sedimentary deposits and the age 242 
of the deposit is known independently, the difference between the comminution and deposition 243 
ages is the palaeo-regolith residence time (Figure 2). This residence time indicates for how long 244 
the regolith resided in the catchment (hillslope, alluvial transport and storage) before deposition. 245 
By applying this approach to sediment with variable deposition ages, it is possible to re-construct 246 



















































have responded to Quaternary climate change. In order to quantify the palaeo-regolith residence 248 
time, several conditions need to be met and they are detailed below. 249 
 250 
a. Isolation of rock-derived minerals 251 





ratio of the rock-derived minerals. However, in soil and sediment we also find solution-derived 253 
minerals, i.e. precipitated from a solution (e.g. calcium carbonate, iron oxides and hydroxides), 254 
allogenic minerals (e.g. aeolian deposits) and organic matter. They need to be removed in order 255 
to successfully apply the comminution dating approach. An added difficulty is that any treatment 256 





disequilibrium occurs at their surface.  258 
DePaolo et al. (2006) proposed to apply sequential extraction techniques in order to chemically 259 
isolate rock-derived minerals. Because there is no known physical or chemical treatment to 260 
isolate aeolian phases, their role on the U isotope ratio of the sediment is generally assessed with 261 
mass balance calculations (e.g. Dosseto et al., 2010). Thorough evaluations of the sample 262 
preparation for comminution dating were undertaken by Lee (2009) and Martin et al. (2015). It 263 





U) ratio in the leached sample (Figure 3) (DePaolo et al., 2012; Lee, 2009; Martin et al., 265 
2015). Following Martin et al. (2015) experiments, the most adequate protocol is a modified 266 
version of that from Tessier et al. (1979) and summarised in Table 3. Differences with the 267 
procedure of Tessier et al. (1979) are (i) the exclusion of the exchangeable leaching step, as a 268 
negligible fraction of U is removed in this step; (ii) the addition of sodium citrate to each step, in 269 




the sample is leached with a 0.3M HF-0.1M HCl solution, in order to ensure optimal ‘cleaning’ 271 
of rock-derived phases. Martin et al. (2015) showed that this protocol yields consistent results on 272 
various types of material (soil, fluvial and marine sediment). 273 
 274 
b. Knowledge of the initial (234U/238U) ratio 275 




U) ratio at t=0. When 276 
studying soil or fluvial sediment, it is assumed that initial conditions are represented by the 277 




U)0 should be equal to 1, because rocks older than 1 Myr 278 




U disequilibrium in rocks that often show no evidence of chemical weathering (Dosseto and 280 
Riebe, 2011; Handley et al., 2013b; Landström et al., 2001; Rosholt, 1983). While plutonic and 281 




U) ≠ 1, DePaolo et al. (2012) have shown that modern 282 




U) = 1. This could 283 
suggest that despite variable U isotope composition in parent rocks, the isotopic ratio is “reset” 284 
when the rock is weathered into fine-grained sediment.  285 
 286 
c. Determination of the recoil loss fraction 287 
Determination of the recoil loss fraction (Equation (3)) is key in order to derive comminution 288 
ages. The recoil loss fraction can be estimated using the surface area of the sediment (Kigoshi, 289 
1971; Luo et al., 2000): 290 
 (8) 291 
where S is the specific surface area (in m
2
/g) and  the density (in g/m3). The specific surface 292 








theory (Brunauer et al., 1938), commonly using nitrogen as the adsorbate. However, gas 294 
adsorption generally overestimates the recoil loss fraction because it gives a measure of the 295 
surface area at a lengthscale several orders of magnitude lower than that of recoil. In order to 296 
account for this, Bourdon et al. (2009) proposed to use the fractal model initially developed by 297 
Semkow (1991). In this model, the recoil loss fraction is written as follows: 298 
  299 
 (9) 300 
where D is the fractal dimension of the surface and a is the size of the adsorbate molecule (0.354 301 
nm for nitrogen). The fractal dimension D is a measure of the surface irregularities. It is in 302 
essence similar to the surface roughness, s. It can vary between 2 and 3, where 2 corresponds to 303 
a perfectly smooth surface (i.e. s = 1) and 3 relates to a maximum surface complexity (or s → 304 
∞). The fractal dimension is determined using BET surface area measurements: in a diagram 305 
showing the logarithm of the quantity of gas adsorbed as a function of the double logarithm of 306 
the relative pressure, the slope equals D - 3 (Avnir and Jaroniec, 1989). 307 
Using Equation (9) to estimate the recoil loss fraction, Aciego et al. (2011) have shown that it is 308 
possible to successfully date ice core samples by measuring the excess 
234
U supplied to the ice by 309 
recoil of 
234
Th from trapped dust particles. At this stage of development of the comminution 310 
dating technique, estimating the recoil loss fraction using the surface area and fractal dimension 311 
appears to be the best available approach since both parameters can be determined by gas 312 
adsorption and BET theory. If these parameters can be accurately determined, the resulting 313 


































d. Recoil length of various minerals 317 
Estimation of the recoil loss fraction requires knowledge of the 
234
Th recoil length. This length is 318 
generally assumed to be 30-40 nm (DePaolo et al., 2006; Maher et al., 2006a), whilst in zircon it 319 
can be as short as 23 nm (Ziegler et al., 1996) (Table 4). Choosing a recoil length between 28 320 
and 32 nm induces an uncertainty of about 5% (at 2 level) on the calculated comminution age 321 
(Handley et al., 2013a). The recoil length can be calculated using the SRIM computer model 322 
based on the binary collision approach developed by Ziegler et al. (1996): 323 
 (10) 324 
where Lbulk and Lj are the 
234
Th recoil lengths in the bulk material and mineral j, respectively. mj 325 
is the mass fraction of mineral j. Ubulk and Uj are the U concentrations in the bulk material and 326 
mineral j, respectively. For instance, if we consider sediments composed of 60% quartz, 39% 327 
muscovite and 1% zircon, where the U concentrations in the quartz, muscovite and zircon are 328 
respectively 0.1, 1 and 100 ppm, the bulk recoil length is 22 nm. 329 
 330 
e. Change in surface properties during transport 331 
In Equation (3), it is assumed that the recoil loss fraction f4 is constant with time. In other terms, 332 
because f4 is a function of the surface area and roughness, this means that the surface properties 333 
of the sediment are assumed constant with time. Obviously, this is unlikely to be the case since 334 
size reduction from bedrock to soil/sediment must be accompanied by changes in surface 335 
properties. To address this, we can use Equation (9) to model how the recoil loss fraction may 336 
vary with time. We assume that the fractal dimension varies linearly between 2 (t = 0, when the 337 













obtain a particle with the maximum roughness allowed by the fractal dimension). The surface 339 
area is arbitrarily assumed to vary linearly between S0 = 1 and Smax = 100 m
2
/g, which 340 
encompasses values typically measured for minerals and sediment. We modelled f4 for different 341 
values of Tmax: 0.1, 1 and 10 Myr (Figure 4). Using a recoil length of 30 nm and a density of 342 
2650 kg/m
3
, f4 increases from ~0.02 to peak at ~0.1 after about 0.1xTmax. The modelled f4 343 




U) of the sediment would evolve with a 344 
time-dependent recoil loss fraction. This in turn can be used to calculate the difference between 345 
the comminution age calculated considering a constant f4 (apparent comminution age) and that 346 
calculated using a time-dependent f4 (true comminution age). Results are shown on Figure 5 for 347 
Tmax = 1 Myr. Assuming a constant f4 leads to gross overestimations of the age for sediment 348 
younger than 20 kyr (i.e. true comminution age < 20 kyr). However, for sediment with a 349 
comminution age between 20 and 500 kyr, the uncertainty introduced by assuming a constant 350 
recoil loss fraction is less than 30%, thus yielding satisfying estimates of the comminution age. 351 
 352 
f. Preferential leaching of 234U 353 




U) >1 in natural waters: direct recoil 354 
of 
234
Th and subsequent decay into 
234
U (Kigoshi, 1971), and preferential leaching of 
234
U 355 
embedded in recoil tracks (e.g. Fleischer, 1980; Hussain and Lal, 1986). Dissolution experiments 356 




U) >1 after only a 357 
few 10’s-100’s hours of water-rock interaction (Andersen et al., 2009). Because minerals did not 358 
have time to develop 
234
U depletion from direct recoil (which requires several 10’s of kyr), these 359 
results emphasized the importance of 
234













important to take into account the timescales over which preferential leaching and direct recoil 362 
operate: Fleischer (1980) reported that after only 1 week of exposure of recoil tracks to solutions, 363 
50% of the embedded 
234
U would be leached out. Thus, after 200 years all the 
234
U available for 364 
preferential leaching would have been removed. Because the comminution age integrates fluvial 365 
transport and storage in weathering profiles, ages are expected to be greater than several 366 
thousand years in most cases. Consequently, preferential leaching of 
234
U is likely to be 367 
negligible over these timescales. However, this is only true for embedded tracks exposed at T=0. 368 
The scenario where recoil tracks are continuously exposed as a result of mineral dissolution is 369 
discussed below. 370 
 371 
g. Effect of mineral dissolution 372 




U fractionation is controlled by the loss of 373 
234
U via recoil. However, if mineral dissolution occurs during sediment transfer, additional 374 




U are released at different rates as a result of mineral 375 
breakdown (w4 ≠ w8). This can occur via (i) leaching of 
234
U embedded in recoil tracks exposed 376 
by mineral dissolution and/or (ii) preferential oxidation of 
234
U to the hexavalent state as a result 377 
of 
234
Th recoil (Adloff and Roessler, 1991). The latter may be insignificant considering that at 378 
the Earth’s surface 
238
U is in most cases in the hexavalent state too. DePaolo et al. (2006) 379 
proposed that the effect of dissolution could be evaluated by comparing the timescale to develop 380 
234
U depletion by recoil, recoil, to the timescale for dissolution to remove a layer of thickness 381 
equivalent to one 
234
Th recoil length, diss: 382 












where R is the mineral dissolution rate. Using L = 30 nm,  = 2700 kg/m3 and R = 2.5 x 10-18 384 
mol/m
2
/s, they calculated that this ratio would be only 0.1, suggesting that dissolution has a 385 




U) ratio. However, the mineral dissolution rate they considered 386 
(calculated for plagioclase in Maher et al., 2006b) is much lower than values compiled for 387 






/s for 388 





U) ratio than proposed by DePaolo et al. (2006). This impact can possibly be 390 
accounted for if Equation (3) is re-written as follows: 391 




d    (11) 392 
where fd is the fraction of 
234
U that is released from newly exposed recoil tracks during 393 





















































  (12) 395 
The parameter fd is a function of the dissolution rate and the surface area of the mineral. 396 





fractionation is fully constrained. Nevertheless, as shown below, while preliminary studies have 398 
investigated the limitations of the technique, they have also highlighted its potential, bringing 399 
new insights on the relationships between Quaternary climate change and fluvial dynamics. 400 
 401 




2.3 In situ-produced cosmogenic nuclides: quantification of modern and past catchment-wide 403 
erosion rates 404 
a. Catchment-wide erosion rate 405 
Cosmic rays (protons and neutrons) penetrate the atmosphere and produce a cascade of 406 
secondary rays (neutrons and muons). This shower of secondary rays bombards the Earth 407 
surface, producing cosmogenic nuclides in situ, i.e. within the crystal structure of minerals (e.g. 408 
Gosse and Phillips, 2001). For example, spallation of 
16
O in quartz produces 
10
Be (Lal, 1991), 409 
while spallation of Ca isotopes in plagioclase or calcite produces 
36
Cl (Stone et al., 1996). Thus, 410 
the type of nuclide produced depends on the target mineral. In situ-produced cosmogenic 411 















Ne), are used in many geological applications to quantify Earth surface processes. At Earth 413 
surface, the measurement of 
10
Be (half-life, t1/2 = 1.387 Myr) and 
26
Al (t1/2 = 0.702 Myr) in 414 
sediment, soils or rocks is often used to quantify erosion rates (i.e. the combined rates of 415 
physical and chemical transport of weathering products; often termed denudation rates). These 416 
two nuclides are commonly used because they are produced in the relatively weathering-resistant 417 
and ubiquitous mineral quartz. Hence, loss of nuclides out of the mineral lattice due to 418 
weathering and diffusion should be minimal. The mineral needs to be a closed system for a 419 
successful denudation rate determination. In addition, due to the simple chemistry of quartz, the 420 




Al are relatively well constrained. The production rate is a 421 
function of the geomagnetic field intensity over space and time, mineral composition, shielding 422 
by topography, vegetation or snow cover, and absorption of cosmic rays in rock and soil. The 423 
depth dependence of the cosmogenic nuclide production is known whereby production by 424 




production at greater depths (e.g. Braucher et al., 2003; Figure 6). If the production rate of an 426 
cosmogenic nuclide is known and its concentration can be measured, then the erosion rate of a 427 
steadily eroding surface can be determined (Lal, 1991). At steady-state, the production of 428 
cosmogenic nuclides equals the nuclide loss from denudation and radioactive decay. Thus, the 429 
nuclide concentration of an eroding material (in atoms.g
-1
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),  the nuclide decay constant (in yr-1),  the erosion rate (cm.yr-1),  the density of the 434 
material (in g.cm
-3
), and  the attenuation length (in g.cm
-2
), which describes the depth-435 
dependence of the production rate. The production rate needs to take into account production by 436 
nucleons, stopped and fast muons. Note that the erosion rate is inversely proportional to the 437 
measured nuclide concentration. 438 
In order to determine the erosion rate of an entire landscape, a large number of bedrock samples 439 
from across the landscape would need to be analysed. Unfortunately, this process would be very 440 
time consuming and expensive. The cosmogenic nuclide concentration of fluvial sediment can be 441 
used instead, because rivers average erosion at the catchment scale and therefore provide a 442 
representative sample of the entire catchment (e.g. Bierman and Steig, 1996; Brown et al., 1995; 443 
Granger et al., 1996). The cosmogenic nuclide concentration of river sediment can be used 444 
together with an average of the nuclide production rate over the catchment area to determine a 445 
catchment-wide erosion rate. The cosmogenic nuclide-derived erosion rate averages over a 446 




reported as “apparent age” and is based on the time it takes to erode the top 60 cm of rock (von 448 
Blanckenburg, 2006). In an active mountain range eroding at 1,000 mm/kyr, the cosmogenic 449 
nuclide-derived erosion rate integrates the last 800-900 years. In contrast, in slowly eroding 450 
shields and cratons (~1 mm/kyr) it integrates the last 600,000 years. 451 
In order to determine a catchment-wide erosion rate from cosmogenic nuclide measurements, 452 
several assumptions need to be verified (Bierman and Steig, 1996; von Blanckenburg, 2006): 453 
1. The sediment cosmogenic nuclide budget is in steady-state at the catchment scale 454 
(isotopic steady-state): the input of cosmogenic nuclide via in situ production over the 455 
entire catchment area equals the output of cosmogenic nuclide via sediment export by the 456 
river and radioactive decay. This assumption may be invalid in landscapes where mass 457 
wasting is important. Another implication of the above requirement is that if the erosion 458 
rate changes over time, the cosmogenic nuclide budget needs time to adjust to this new 459 
rate. Thus, the cosmogenic nuclide-derived erosion rate can lag behind the true erosion 460 
rate (e.g. Schaller and Ehlers, 2006; discussed below).  461 
2. Each eroding area contributes quartz material to the river sediment. If an eroding area 462 
does not contribute any quartz, this area should not be included in the production rate 463 
calculation. The calculated cosmogenic nuclide-derived erosion rate can be corrected for 464 
the non-uniform distribution of quartz due to lithologic variations within a catchment 465 
(e.g. Safran et al., 2005). 466 
3. Nuclide concentration is homogeneous across different grain size fractions. If the nuclide 467 
concentration varies between different grain size fractions, the difference can be 468 
attributed to different transport mechanism (e.g. Brown et al., 1995; Codilean et al., 2012; 469 




instance, finer grain sizes could be transported over a longer distance than coarser grained 471 
material, representing a source area with lower erosion rates. 472 
4. No quartz enrichment occurs in the sediment source area during weathering and erosion 473 
processes. If this occurs and the enrichment is not accounted for in the erosion rate 474 
calculation, this will lead to an underestimation of the erosion rate (Riebe et al., 2001). 475 
However, in most settings the difference between corrected and uncorrected erosion rates 476 
is small. 477 
5. Minimal sediment storage takes place in the drainage system (e.g. Matmon et al., 2003a). 478 
If sediment is deposited during transport, additional cosmogenic nuclides might be 479 
produced by irradiation after deposition, or lost by radioactive decay if storage is deep 480 
(Clapp et al., 2002). Model simulations of the cosmogenic nuclide concentrations during 481 
transport in a river system have been used to illustrate the possible influence of storage 482 
on measured nuclide concentrations (Lupker et al., 2012; Wittmann and von 483 
Blanckenburg, 2009). Measurement of an additional radioactive or stable cosmogenic 484 
nuclide can help shed further light on storage and remobilization (Wittmann et al., 2011).  485 
6. The time scale of erosion is shorter than the cosmogenic nuclide half-life. The time scale 486 
of erosion is given by the time it takes to erode 60 cm of rock. This lengthscale is derived 487 
from the attenuation length of cosmic rays (~160 g.cm
-2
) and the exponential nature of 488 
the decrease in production rate with depth. The lower the erosion rate, the higher the time 489 
scale of erosion. In the case of 
10
Be in quartz, erosion rates larger than 0.03 mm/kyr can 490 
generally be determined (e.g. von Blanckenburg, 2006).  491 
7. Landscapes are often affected by landslides and debris flows, where material shielded at 492 




determine long-term erosion rates with cosmogenic nuclide, larger catchment areas need 494 
to be sampled as the frequency of landsliding increases (Niemi et al., 2005). For instance, 495 
samples integrating drainage areas larger than 100 km
2
 need to be collected where deep 496 
landslides (>5 m) are common (Yanites et al., 2009). 497 
8. Shielding by glaciers, snow, and vegetation in the sediment source area is not significant. 498 
If shielding is significant, production rates used in calculations need to be corrected for 499 
shielding (Delunel et al., 2014; Godard et al., 2012; Schildgen et al., 2005). In the case of 500 
glaciation, the production rate for the catchment area covered by glaciers is generally 501 
assumed to be zero. In the case of snow and vegetation shielding, the production rate is 502 
reduced. This reduction in production rate results in a lower calculated erosion rate than 503 
if no correction was applied.  504 
In many settings, violations of these assumptions are not avoidable and their possible influence 505 
on calculated erosion rates needs to be addressed. One important assumption often violated is 506 
that of isotopic steady-state. After a change of erosion rate, the isotopic system is disturbed and 507 
needs time to adjust to the new conditions. Therefore, variations in actual erosion rates are 508 
smoothed out and/or delayed in time (Bierman and Steig, 1996; von Blanckenburg, 2006). For 509 
instance, a tenfold increase in erosion rate from 30 to 300 mm/kyr over a 100 year time period is 510 
not detectable in the cosmogenic nuclide signal. In contrast, a tenfold increase over 100,000 511 
years (one climatic cycle in the late Pleistocene) allows enough time for the system to reach 512 
steady-state again (e.g. Schaller and Ehlers, 2006). Schaller and Ehlers (2006) modelled how 513 
cosmogenic nuclide-derived erosion rates compare to true time-dependent erosion rates (Figure 514 
7). Input (true) erosion rates were generated for different mean values (10, 100, and 1000 515 




input erosion rates have a high mean value (>500 mm/kyr) and changes occur with a long 517 
periodicity (e.g. 100 kyr), cosmogenic nuclide-derived erosion rates closely follow true rates.  518 
In addition, the assumption of minimal sediment storage and remobilisation in the catchment 519 
needs to be addressed. During storage in alluvial deposits, the sediment nuclide budget can 520 
increase through post-depositional irradiation (shallow burial) or decrease through decay (deep 521 
burial; Clapp et al., 2002). Short-lived isotopes such as in situ-produced 
14
C in quartz can be 522 





Al) it has been shown that the effect of storage and remobilisation is 524 
often minor and the cosmogenic nuclide concentration is relatively constant over large distances 525 
(Lupker et al., 2012; Wittmann and von Blanckenburg, 2009). As nuclide concentration does not 526 
shift in large flood plains, it is assumed that nuclide concentration records the erosion rate in the 527 
sediment source area. Hence, the average production rate in the sediment source area is used. 528 
The use of the average production rate from the sediment source area rather than that from the 529 
enitre catchment is known as the concept of floodplain correction (e.g. Wittmann et al., 2009). In 530 
addition, this sediment storage and remobilisation induces further delaying and damping of the 531 
erosion rate signal which already exist due to climatic and tectonic variations of erosion rates 532 
(e.g. Davis et al., 2012). 533 
Over the last 25 years, applications based on cosmogenic nuclide have expanded at a rapid rate 534 
(Granger et al., 2013). Portenga and Bierman (2011) compiled and re-calculated over a thousand 535 
cosmogenic nuclide-derived catchment-wide erosion rates, seeking correlations with a wide 536 
range of parameters (latitude, elevation, relief, mean annual precipitation and temperature, 537 
seismicity, basin slope and area, and vegetation cover). Mean basin slope appears to be the main 538 




another study, erosion rates derived from cosmogenic nuclide measurement (10-kyr timescale) 540 
and stream gauging (10-yr timescale) were compared (Covault et al., 2013). It was shown that in 541 
most cases, cosmogenic nuclide-derived rates were greater than corresponding stream gauge-542 
derived rates. This was attributed to the low frequency-high magnitude nature of sediment 543 
transport events. Nevertheless, stream gauge-derived rates were in the same order of magnitude 544 
as cosmogenic nuclide-derived rates, which was explained by the buffering capacity of large 545 
flood plains. 546 
 547 
b. Palaeo-erosion rates 548 
The cosmogenic nuclide signal acquired during catchment erosion in the sediment source area is 549 
stored in sedimentary deposits such as cave sediment, river terraces, palaeo-channels, or deltas 550 
(e.g. Granger and Schaller, 2014). The measured nuclide concentration in sediment archives 551 
(Ctot) is a composite of the concentration inherited from the palaeo-erosion rate (Cin) corrected 552 
for decay over time and the amount of nuclides produced after sediment deposition (Cdep) 553 




  555 
 (14)  556 
where  is the decay constant of the cosmogenic nuclide (in yr-1) and t is the time elapsed since 557 
sediment deposition (in yr) (Table 5). Cin is given as C in Equation (13) and the production rate 558 
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), x the depth of burial 562 
(in cm),  the density of the sediment (in g.cm-3), and  is the attenuation length (g.cm-2) (Table 563 
5). All production mechanisms (neutrons, stopped and fast muons) need to be taken into account. 564 
In order to apply this approach to sedimentary deposits, several requirements need to be met in 565 
addition to those presented above for modern river sediments: 566 
1. The age of the deposit is known. After deposition, the nuclide concentration changes over 567 
time due to decay and post-depositional irradiation. Hence, the age of the sedimentary 568 
deposit needs to be determined independently, such as through the use of 
14
C, optically-569 
stimulated luminescence (OSL) dating, U-series, dating of ash layers, palaeo-570 
magnetostratigraphy, fossil assemblages, or cosmogenic nuclides (e.g. depth profile 571 
dating, simple burial dating, isochron burial dating). 572 
2. Sediment deposition is fast and the history of burial depth over time can be inferred in 573 
order to correct for post-depositional irradiation.  574 
3. Post-depositional irradiation is small enough such that the inherited nuclide concentration 575 
dominates the nuclide budget (e.g. Balco and Stone, 2005). Post-depositional irradiation 576 
can be kept to a minimum by collecting well-shielded samples (e.g. caves, deltas, deep 577 
sedimentary sequences) or young sediment deposits (e.g. Granger and Muzikar, 2001). 578 
For instance, a deep or short burial is required when the erosion rate is high in the 579 
sediment source area, as high erosion rates only impart a low cosmogenic nuclide 580 




4. Changes in the catchment-wide production rate due to changes in catchment area and 582 
elevation are known. Generally, it is assumed that the catchment-wide production rate 583 
used for calculation of palaeo-erosion rate is the same as at present (e.g. Schaller et al., 584 
2002). However, the production rates can be significantly affected by tectonic activity 585 
and/or river capture, thus influencing the calculated palaeo-erosion rate. The evolution of 586 
a river system over time needs to be well constrained. 587 
Meeting all these requirements can be challenging and the application of the cosmogenic nuclide 588 
technique in natural settings needs to be carefully evaluated. For instance, the correction for 589 
nuclide decay and post-depositional irradiation requires knowing the sediment deposition age 590 
and history (e.g. burial depth over time). Fortunately, deposition ages can be constrained using 591 
different techniques (e.g. luminescence, radiocarbon, U-series, cosmogenic nuclide dating). 592 
As an example, different cosmogenic nuclide approaches can be used to determine clastic 593 
sediment deposition ages: depth profile dating (e.g. Granger and Smith, 2000), simple burial 594 
dating (Granger et al., 1997) or isochron burial dating (e.g. Balco and Rovey, 2008). Simple 595 
burial dating can be applied in sediment deposits protected from post-depositional irradiation 596 




Be and the 597 
knowledge of the production ratio of these two isotopes at the Earth surface (e.g. Granger, 2014; 598 
Granger and Muzikar, 2001). Once sediments are deposited in a cave and protected from further 599 





Be ratio as 
26
Al decays faster than 
10
Be. Unfortunately, post-depositional 601 
irradiation cannot always be excluded and simple burial dating may not be applicable. In such 602 
cases, the determination of sediment deposition ages can be attempted by depth profile or 603 




different depths in the deposit (e.g. Granger and Smith, 2000). By measuring the nuclide 605 
concentrations at different depths, the deposition age, erosion rate and inherited nuclide 606 
concentration can be determined. In contrast, the isochron burial technique makes use of several 607 
clast samples from the same depth (e.g. Erlanger et al., 2012). The clast samples need to be 608 








Be concentrations, coeval samples 609 
define a line (isochron), whose slope contains information about the deposition age (Figure 8). 610 
This burial time is independent from the post-depositional erosion history of the terrace. Once 611 
the deposition age is determined from the clasts, a sand-sized sample collected from the same 612 
depth provides information about the inherited nuclide concentration and thus the palaeo-erosion 613 
rate in the sediment source area. The disadvantage of depth profile and isochron burial dating is 614 
the relatively large number of sample analysed required, which makes these approaches labour 615 
intensive and expensive. 616 
 617 
c. Analytical techniques 618 
Samples collected in the field are dried in the laboratory and a specific grain size fraction is 619 
retained (e.g. 0.5 – 1.0 mm). Quartz is isolated by magnetic separation, heavy liquids, froth 620 
flotation, and dilute hydrofluoric acid treatment (Kohl and Nishiizumi, 1992). The hydrofluoric 621 
acid is not only used to destruct feldspar, but also to remove any meteoric 
10
Be, which is 622 
abundant at the mineral surface. Ten to a hundred grams of quartz are dissolved with 623 
concentrated hydrofluoric acid. After the addition of a known amount of 
9
Be carrier and sub-624 
sampling an aliquot for 
27
Al concentration determination, Al and Be are separated from other 625 
elements by precipitation and chromatographic techniques. The clean Al- and Be-hydroxide 626 












Al ratios measured (e.g. Christl et al., 2014). With 628 




Be ratio and the 
9
Be carrier amount, the 
10
Be concentrations can be 629 
calculated. The 
27
Al concentrations needed for the calculation of 
26
Al abundances are measured 630 
by optical emission or mass spectrometry as well as atomic absorption spectroscopy.  631 
 632 
In order to calculate erosion and palaeo-erosion rates from the determined nuclide 633 
concentrations, the following parameters need to be constrained: 634 
1. The production rate at sea level and high latitude (SLHL). As production varies over 635 
space and time due to magnetic field variability, a SLHL production rate is commonly 636 
reported. The production rate of each cosmogenic nuclide needs to be determined 637 
individually for a given mineral and production mechanism (e.g. spallation, fast and 638 
stopped muons). Absolute production rate values are based on numerical simulations 639 
(Masarik and Reedy, 1995) or measurements in material of independently known surface 640 
exposure ages (Nishiizumi et al., 1989). Scaling the production rate from the calibration 641 
locality to SLHL can be done with various methods (see below), which results in a range 642 
of SLHL production rates (Balco et al., 2008; Putnam et al., 2010). 643 
2. Production rate scaling to altitude and latitude. The intensity of cosmic rays, hence the 644 
production rate at the Earth surface, varies with the geomagnetic field and the air 645 
pressure. The intensity of cosmic rays at sea level is highest at latitudes above 60° and 646 
lowest at the equator. The intensity of cosmic rays also increases with decreasing air 647 
pressure (i.e. increasing altitude). Different scaling mechanisms for the determination of 648 




2006; Dunai, 2000; Lal, 1991; Lifton et al., 2005; Stone, 2000) and applied in the 650 
CRONUS-Earth online calculator (Balco et al., 2008). 651 
3. Production rate over time: the strength of Earth’s geomagnetic field changes over time, 652 
and thus the intensity of cosmic rays influencing the production rates (e.g. Masarik et al., 653 
2001). This variability needs to be taken into account for present-day and palaeo-erosion 654 
rate determinations.  655 
4. Depth dependence of the production rate: cosmic rays bombarding Earth surface are 656 
slowed down and absorbed. The deeper the penetration, the lower the production rate. 657 
The relationship between production rate and depth is a function of the density of the 658 
material and the absorption mean free path (e.g. von Blanckenburg, 2006). Different laws 659 
of depth dependence for the different production mechanisms are available (Granger and 660 
Smith, 2000; Schaller et al., 2001).  661 
5. Production rate shielding: the intensity of cosmic rays is not only affected by the 662 
geomagnetic field, but is also reduced by shielding from topography, snow and/or 663 
vegetation cover. These shielding effects need to be taken into account when ages and 664 
palaeo-erosion rates are determined (e.g. Dunne et al., 1999; Schildgen et al., 2005). 665 
Nuclide measurements and the determination of all these parameters are affected by 666 
uncertainties. Taking into account these uncertainties may result in errors as high as 35% for 667 
catchment-wide denudation rate determinations (e.g. Lupker et al., 2012; Wittmann et al., 2007). 668 
In the case of palaeo-denudation rate determinations, the expected errors may be even higher 669 




3 Applications 671 
3.1 Comminution ages and regolith residence times 672 
The use of uranium isotopes to quantify the comminution age of clastic sediment was first 673 
mentioned in Maher et al. (2004) and later applied to deep-sea sediment in DePaolo et al. (2006) 674 





U) activity ratios were measured in drill core sediment at ODP Site 984A, off the south 676 
coast of Iceland. Samples were leached in 1.5M HCl to remove carbonates, as a sodium acetate 677 
leach was found to be inefficient (Maher et al., 2004). 678 





U) versus , if data form a linear trend, the intercept with is 680 
equal to . The authors identified two populations of sediment on the basis of their Nd, Sr 681 
and U isotopic compositions. This was interpreted as two sediment sources (Iceland and 682 
continental Europe) whose contribution varied over time with climatic cycles. From these, 683 
DePaolo et al. (2006) determined graphically two f4 values (Figure 9.) and regolith residence 684 
times between 0 to 400 kyr were calculated. Variations in residence times were found to follow 685 
climatic cycles (Figure 10) and interpreted to reflect changes in sediment sources: during 686 





Sr isotopic compositions and short residence times. Conversely, during glacial 688 





Sr isotopic compositions. Long residence times (300-400 kyr) during glacial periods 690 
were explained as continental shelves were exposed and eroded, mobilising sediment stored 691 












Dosseto et al. (2010) studied palaeo-channels of the Murrumbidgee River in southeastern 693 
Australia, with deposition ages spanning over the last glacial cycle (Banerjee et al., 2002; Page et 694 
al., 1996). The recoil loss fraction was estimated by using the grain size distribution for each 695 
sample quantified by laser diffraction. Inferred f4 values (0.025-0.14) were lower than those 696 
estimated in DePaolo et al. (2006), ranging from 0.06 to 0.12. This could reflect the different 697 
environments investigated in both studies (continental deposits in Dosseto et al. 2010 versus 698 
deep-sea deposits in DePaolo et al. 2006), although the large uncertainties in estimating f4 values 699 
in both cases commands caution in making such interpretations. 700 
For the Murrumbidgee River palaeo-channels, Dosseto et al. (2010) inferred residence times 701 
varying between 27 ± 8 and 420 ± 78 kyr (Figure 11). Similarly to DePaolo et al. (2006), they 702 
observed a cyclicity of residence times with climatic variability: low values (≤100 kyr) during 703 
Marine Isotope Stage (MIS) 2, in contrast with high values (>200 kyr) for MIS 1 and 5. These 704 
variations were interpreted as reflecting changes in sediment provenance: active hillslope erosion 705 
in the headwaters during MIS 2 versus re-working of alluvial deposits during MIS 1 and 5. These 706 
changes were in turn explained by the role of vegetation cover on erosion: woodlands dominated 707 
the Murrumbidgee headwaters during MIS 1 and 5, inhibiting hillslope erosion, in contrast to 708 
shrub-like vegetation during MIS 2 (Kershaw et al., 2007).  709 
In Lee et al. (2010), the comminution dating technique was tested on alluvial deposits from the 710 
Kings River Fan (California, USA). It was postulated that the deposition age of sediment must be 711 
equal to its comminution age because it is derived from glacial outwash and thus the residence 712 
time must be very short. Comminution ages were calculated for different grain size fractions (<6, 713 
10-15, 15-20 and >20 m). Calculated ages were much younger than theoretical values (i.e. 714 




values would need to increase with grain size. However, unless surface roughness can be 716 
quantified for different grain size, there is little prospect to use this parameter to determine 717 
comminution ages. An alternative approach could have been to determine recoil loss fractions 718 
using surface area measurements and fractal dimension determination as in equation (9), but this 719 
was not done. While the study by Lee et al. (2010) represented an interesting approach to test the 720 
comminution dating technique, it could not provide any insight on past fluvial dynamics since 721 
the initial assumption was that all samples studied were characterised by negligible residence 722 
times.  723 
Handley et al. (2013a; 2013b) have studied sedimentary deposits of Central and South Australia. 724 
In each case, it was difficult to obtain meaningful comminution ages. Possible reasons are (i) 725 
incomplete isolation of rock-derived minerals and (ii) a dominant role of aeolian material in 726 
these environments. Martin et al. (2015) have shown that existing sequential extraction protocols 727 
do not result in a complete removal of organic and solution-derived phases. While the method by 728 
Schultz et al. (1998) used in Handley (2013a; 2013b) showed good prospects, a final step with a 729 
dilute HF-HCl solution is needed. Furthermore, the role of aeolian material needs to be 730 
addressed, as it cannot be removed mechanically or chemically. In order to obtain robust 731 
comminution ages, it is recommended that study sites are chosen where aeolian deposition is 732 
minimal, or to constrain the U isotope composition of this component. 733 
In summary, the comminution dating technique is still in its infancy and this is illustrated by the 734 
difficulty to obtain meaningful ages in some cases. Nevertheless, some preliminary studies have 735 
shown that palaeo-regolith residence times are strongly coupled to Quaternary climatic cycles: 736 
they record changes in sediment provenance in response to climatic variability, whether at the 737 





3.2 Palaeo-erosion rates 740 
Below we review the application of in-situ cosmogenic 
10
Be to determine palaeo-erosion rates in 741 
the time span of a) the Last Glacial Maximum (LGM) to present and b) the Quaternary Period. 742 
Last Glacial Maximum to present: 743 
Several studies have investigated how palaeo-erosion rates in Europe, North and South America 744 
have varied since the late Pleistocene by measuring cosmogenic nuclide in sediment deposited in 745 
fluvial terraces. Fuller et al. (2009) applied this approach to strath terraces of the Eel River in 746 
northern California (USA), where deposition ages were independently constrained by OSL 747 
dating and span from the Late Pleistocene (30 kyr old) to the Holocene. Palaeo-erosion rates 748 
derived from the Late Pleistocene terraces are ~30 mm/kyr. These rates are twice as high as those 749 
derived from modern river sediment and 3.5 times higher than the rates from terraces deposited 750 
at the Pleistocene-Holocene transition (Figure 12). It was thus proposed that the time of fastest 751 
erosion and strath planation was coupled with a period of increased precipitation in the late 752 
Pleistocene. Furthermore, incision rates based on the terrace height and OSL dating are 2 to 4 753 
times higher than palaeo-erosion rates over the same time period. This suggests an increase in 754 
topographic relief of ~300 mm/kyr over the past 20 kyr. 755 
Marshall et al. (2015) have investigated cosmogenic nuclides in lake deposits of Little Lake in 756 
the Oregon Coast Range (USA). The lake sediments reveal a palaeo-erosion rate of ~200 757 
mm/kyr at around 23 kyr (Figure 12). This suggests a 2.5 times increase in erosion rates 758 
compared to values derived from the modern sediment load. This was attributed to pervasive 759 




Schaller et al. (2002) determined cosmogenic nuclide-derived palaeo-erosion rates from fluvial 761 
terrace sediment of the Allier and Dore Rivers in central France and the Meuse River in the 762 
Netherlands. Samples were collected from terraces formed during the last glacial cycle. 763 
Deposition age constraints were provided by 
14
C dating, allowing for correction of post-764 
depositional irradiation (Tebbens et al., 1999; Veldkamp and Kroonenberg, 1993). For the Allier 765 
and Dore Rivers, late Pleistocene to Holocene palaeo-erosion rates range from 40 to 70 mm/kyr, 766 
with the maximum value observed at the Pleistocene-Holocene transition (Figure 12). In the 767 
Meuse River, palaeo-erosion rates range from 30 to 80 mm/kyr showing a sharp decrease from 768 
the Late Pleistocene into the Holocene. This likely reflects a response of the fluvial system to 769 
external climatic forcing and possibly associated changes in vegetation cover.  770 
McPhillips et al. (2013) reported cosmogenic nuclide-derived erosion rates from the Quebrada 771 
Veladera, a tributary of the Pisco River in the Western Andes (Peru). Late Pleistocene erosion 772 
rates were determined from 16 kyr-old terraces and Holocene rates from sediment in the active 773 
river channel, at different locations in the catchment (Figure 12). This spatial comparison 774 
between Pleistocene and Holocene rates showed that (i) small drainage areas are more sensitive 775 
to climate change, in this case a transition from wet to dry conditions at the end of the 776 
Pleistocene and (ii) the drainage network expanded upstream, via landscape dissection, during 777 
wet periods, while progressively annealing during dry periods. 778 
In the same region, Bekaddour et al. (2014) investigated terrace sequences of the Pisco River. 779 
Episodes of sediment accumulation were correlated with pluvial periods 48-36 kyr (Minchin 780 
pluvial) and 26-15 kyr ago (Steffen et al., 2009). Cosmogenic nuclide-derived palaeo-erosion 781 
rates suggest a pulse of erosion during the Minchin pluvial period, with rates as high as 600 782 




which are characterised by little to no erosion. Bekaddour et al. (2014) proposed that these 784 
changes in erosion rates reflect shifts in the Inter Tropical Convergence Zone during the late 785 
Quaternary, which during the Michin period could have been located 100 km further south than 786 
it is presently. Furthermore, the pulse in erosion at this particular time is accounted for by the 787 
preceding poorly-erosive period, allowing the accumulation of regolith flushed during the 788 
Michin period.  789 
Hidy et al. (2014) have used cosmogenic nuclide to quantify palaeo-erosion rates in alluvial 790 
deposits from Texas (USA) spanning over the past 500 kyr. These catchments were chosen 791 
because they are located in a tectonically quiescent region that has not undergone any 792 
glaciations, such that the role of climate on changes in erosion should be clearly identified. 793 
Erosion rates were found to be 30-35% higher during interglacial compared to glacial periods 794 
(Figure 12). For two rivers, erosion rates also correlated broadly with past temperatures, using 795 

18
O as a proxy. This correlation was interpreted as the role of warmer temperatures on 796 
promoting chemical weathering, which in turn enhances physical erosion. Observed increased 797 
erosion rates during interglacial periods are in agreement with predictions from the sediment flux 798 
model of Syvitski and Milliman (2007). The findings of Hidy et al. (2014) suggest that in 799 
catchments devoid of tectonic and glacial processes, climate has a direct role on erosion rates 800 
that can be accurately modelled. These observations imply lower erosion rates in the cool 801 
Quaternary compared to the warm Pliocene. This is at odds with globally-inferred higher erosion 802 
rates in the late Cenozoic (Herman et al., 2013; Métivier et al., 1999; Molnar, 2004; Zhang et al., 803 
2001). The discrepancy was explained by Hidy et al. (2014) as these studies mainly focused on 804 
tectonically-active, glaciated regions, thus reflecting the dominant role of these fast eroding 805 





Quaternary Period: 808 
Erosion products of the Quaternary period are deposited in different geologic settings (e.g.  809 
caves, alluvial sediment). Clastic material deposited in cave systems offer a unique setting to 810 
determine palaeo-erosion rates as no correction for post-depositional irradiation is needed. 811 
However, most cave studies have been interested in determining the sediment deposition age to 812 
determine fluvial incision rates as well as the age of hominid remains. Thus, the palaeo-erosion 813 
rates were only derived as a by-product. 814 
In a study of caves from the New River valley (Virginia, USA; Granger et al., 1997), quartz vein 815 




Be concentrations in order to determine 816 
sediment burial ages, inferred to range from 0.29 to 1.47 Myr. Palaeo-erosion rates were also 817 
derived from sand and amalgamated gravel samples ranging from 2 to 451 mm/kyr. A similar 818 
study was undertaken on sediment of Mammoth Cave to determine incision rates of the Green 819 
River (Kentucky, USA; Granger et al., 2001). Quartz gravel and sand were analysed to determine 820 
the age of cave formation. Slow palaeo-erosion rates ranging from 2 to 7 mm/kyr were derived 821 
from most of the past 3.5 Myr, with an increase to 30 mm/kyr in the Pleistocene.  822 
Cyr and Granger (2008) compared erosion rates in the Apennines (Italy) derived from a range of 823 
techniques, including cosmogenic nuclides from cave sediment, to study variations in erosion 824 
rates over different timescales. They found similar values across timescales for the past 1 Myr, 825 
although all significantly lower than exhumation rates in the Pliocence. This was explained by 826 
hypothesizing that a state of dynamic landscape equilibrium may have been achieved over the 827 




In the southern Rocky Mountains (USA), Refsnider (2010) measured cosmogenic nuclide in 829 
cave sediment to infer a ten-fold increase in erosion rates from warm Pliocene conditions to a 830 
cooler Pleistocene (Thompson, 1991). This was interpreted to reflect the effectiveness of 831 
periglacial processes at high elevations. 832 
 833 
Sediments deposited in alluvial settings have also been used to infer palaeo-erosion rates over the 834 
Quaternary Period (e.g. Balco and Stone, 2005; Charreau et al., 2011; Refsnider, 2010; Schaller 835 
et al., 2004; Schaller et al., 2002). Palaeo-erosion rates were derived from a 1.3 Myr-old terrace 836 
sequence of the Meuse River, in the Netherlands (Schaller et al., 2004). Constraints on the 837 
deposition age, required for post-depositional irradiation correction, were based on 838 
magnetostratigraphy of the sedimentary deposits (van den Berg and van Hoof, 2001). Calculated 839 
palaeo-erosion rates were uniform before 0.7 Myr ranging from 25 to 35 mm/kyr (Figure 13). 840 
After 0.7 Myr, they increased to reach a value of 80 mm/kyr in the late Pleistocene. This increase 841 
could be attributed to changing tectonic and/or climatic boundary conditions. The Ardennes 842 
Mountains and the nearby Rhenish massif were subjected to volcanic activity at around 0.65 843 
Myr. This activity caused up to 250 m of uplift resulting in increased incision (e.g. Van Balen et 844 
al., 2000). However, at around the same time, the Middle Pleistocene transition occurred where 845 
the period of climatic cycles changed from 41 to 100 kyr and their amplitude increased (e.g. 846 
Mudelsee and Schulz, 1997). This change in period and amplitude might have influenced erosion 847 
with faster rates in the 100-kyr cycles compared to the 41-kyr cycles (e.g. Zhang et al., 2001). 848 
In the Fisher Valley (Utah, USA), cosmogenic nuclides were measured in early and middle 849 
Pleistocene alluvial deposits (Balco and Stone, 2005). As terrace sediment was deposited 850 




depositional irradiation. The depositional rate of the terrace material was inferred from dated ash 852 
layers and palaeo-soils. Palaeo-erosion rates determined from the inherited nuclide concentration 853 
varied between 80 and 220 mm/kyr. Modern rates determined from sediment of the active 854 
channel were ~125 mm/kyr. Balco and Stone (2005) observed no direct correlation of palaeo-855 
erosion rates with climatic conditions. Instead, the results were interpreted as possibly reflecting 856 
episodic tectonically-induced subsidence of the sedimentary basin.  857 
Palaeo-erosion rates have been determined from sediment of the northern Tianshan, spanning the 858 
past 9 Myr of erosion history of this region of central Asia (Charreau et al., 2011). Rates were 859 
inferred from cosmogenic nuclide measurements on sandstones from an intracontinental 860 
endorheic watershed, from late Pleistocene river terraces, and from the modern sediments of the 861 
Kuitun River. The measured nuclide concentrations in the sandstone sequence were corrected for 862 
post-depositional irradiation after sediment deposition and gradual burial of the deposits. 863 
Correction was also applied for post-depositional irradiation after Holocene incision of the 864 
Kuitun River into the sediment sequence. Palaeo-erosion rates were generally less than 1,000 865 
mm/kyr for most of the past 9 Myr (Figure 13). However, between 2.5 and 1.7 Myr, erosion rates 866 
reached values as high as 2,500 mm/kyr interpreted as the response of catchment erosion to the 867 
onset of Quaternary glaciations at around 2 Myr. Nevertheless, the role of tectonics in this setting 868 
cannot be excluded and this will need to be addressed in future studies investigating changes in 869 
erosion rate at the million-year timescale. 870 
Sediments delivered by the Nile River to the Mediterranean Sea is transported by longshore 871 





Al concentrations (Davis et al., 2012). Most samples were covered by a thick 873 








Be ratio of 4.8, lower than the expected production ratio 875 
of 6.8 and suggesting that they could have been buried at the study site for 600 to 700 kyr. 876 




Al decay during complex transport in the 877 
river system. This is easily understood as the Nile River is an extensive fluvial system where 878 
sediment transport from source to deposition areas is long and characterised by multiple episodes 879 





Al concentrations over the past 2.5 Myr. It was proposed that this illustrated 881 
the capacity of long and complex fluvial transport to homogenise multiple sediment sources and 882 
buffer the impact of climatic and/or tectonic variations on the cosmogenic nuclide budget of 883 
alluvial sediment at the million-year timescale. 884 
4 Discussion 885 
In this section, we assess how results from uranium and cosmogenic nuclide studies contribute to 886 
understanding the links between climate and fluvial dynamics in the context of previous works 887 
(Table 6). Because of the challenge to quantify tectonic processes over timescales shorter than a 888 
million years, climate is often considered as the major driver of erosion changes when focusing 889 
on the late Quaternary. However, where the period of time considered reaches as far back as 9 890 
Myr, the role of tectonics cannot be ignored. In central Asia, Charreau et al. (2011) attributed the 891 
increase in erosion rates at around 2 Myr to the onset of glaciations. Nevertheless, this could also 892 
be explained by a pulse in uplift.  893 
In Western Europe, differentiating between climatic or tectonic drivers is equally challenging. 894 
The increase in cosmogenic nuclide-derived erosion rates at ~0.7 Myr in the Meuse River could 895 
be attributed to uplift in the Ardennes Mountains or to the change in period of climatic cycles 896 




clear imprint of climatic cycles in catchment erosion. Instead, they attributed changes in erosion 898 
rates to increased basin subsidence. In the Nile River, Davis et al. (2012) did not observe any 899 
changes in cosmogenic nuclide-derived erosion rates over the past 2.5 Myr. This was explained 900 
by the capacity of large river systems to buffer erosion variability, not only over spatial scales 901 
but also temporal scales.  902 
In summary, at the million-year timescale it is difficult to assess the role of climate variability on 903 
catchment erosion because it can be partially or completely overprinted by tectonic processes.  904 
At the Holocene/Late Pleistocene timescales, some studies of palaeo-erosion rates suggest faster 905 
erosion rates during cold periods (Fuller et al., 2009; Schaller et al., 2002) while others propose 906 
the opposite (Bekaddour et al., 2014; McPhillips et al., 2013). Fuller et al. (2009) interpreted 907 
faster rates during the LGM as the response to higher rainfall in the response to higher rainfall in 908 
the Sierra Nevada (USA) during that period of time. This is surprising since the LGM is 909 
generally described as drier than the Holocene. Observations of a wet LGM in this region were 910 
derived from pollen data (Adam and West, 1983). Precipitation estimates may not be accurate as 911 
the transfer function used between pollen record and precipitation may be influenced by 912 
elevation (rain shadow effect) instead of actual effective rainfall changes. Thus, it is more likely 913 
that fast erosion rates during the LGM would be explained by the effectiveness of periglacial 914 
processes as physical weathering agents (Dühnforth et al., 2010; Small et al., 1999). The effect of 915 
frost-driven sediment production on erosion is illustrated by the study of Marshall et al. (2015) in 916 
the Oregon Coast Range (USA) where they showed that erosion rates were 2.5 times faster 917 
during the LGM compared to present. Similarly, Schaller et al. (2002) attributed the faster 918 
cosmogenic nuclide-derived and modelled erosion rates during the LGM as a result of periglacial 919 




development and increased soil cover preservation. The importance of periglacial processes was 921 
also noted at the million-year time scale in the southern Rocky Mountains (USA), as it was 922 
proposed they have driven a ten-fold increase in erosion rates during the Pleistocene (Refsnider, 923 
2010). In contrast, in southern USA, Hidy et al. (2014) observed increased erosion during 924 
interglacials in catchments devoid of tectonic activity and located far away from the influence of 925 
glaciers even during the LGM. This could suggest that at the 10-kyr timescale, the response of 926 
catchment erosion to climatic variability depends on whether periglacial processes were 927 
operating during cold periods: in regions where they were, erosion was more active during cold 928 
periods; in other areas, erosion was enhanced during warmer periods.  929 
Faster erosion rates during the LGM, as suggested by Schaller et al. (2002) and Fuller et al. 930 
(2009), are at odds with studies pointing toward lower rates during glacial periods (Bookhagen et 931 
al., 2006; Bookhagen and Strecker, 2012; Bookhagen et al., 2005b; Clift et al., 2008; Hu et al., 932 
2012; Trauth et al., 2000; Trauth et al., 2003; Uba et al., 2007), including using cosmogenic 933 
nuclide-derived palaeo-erosion rates (Bekaddour et al., 2014; McPhillips et al., 2013). In these 934 
studies, faster erosion rates during wet periods have been inferred for the Himalaya and the 935 
Andes. This contrasts with the old, slowly eroding Massif Central studied in Schaller et al. 936 
(2002). However, Fuller et al. (2009) focused on the Sierra Nevada (USA) which uplifts at a rate 937 
comparable to the Andes. Nevertheless, erosion rates in the Andes are faster and mass wasting 938 
more frequent than in the Sierra Nevada (Blodgett and Isacks, 2007; Riebe et al., 2000). Thus, 939 
the occurrence of mass wasting and the magnitude of erosion rates may dictate how catchment 940 
erosion responds to climatic cycles at the 10-kyr timescale. Despite periglacial processes being 941 
efficient agents of erosion in the Himalaya and Andes during glacial periods, the increase in 942 




et al., 2005b). The role of vegetation cover may also amplify this relationship: Istanbulluoglu and 944 
Bras (2005) showed that under denser vegetation cover (likely during warm periods), landscapes 945 
may become landslide-dominated. However, Carretier et al. (2013) presented an inverse 946 
correlation between erosion rates and the density of vegetation cover, suggesting faster erosion 947 
of sparsely-vegetated landscapes during cold periods. 948 
Another aspect that may account for differences between cosmogenic nuclide studies and other 949 
types of work is the size of the drainage area integrated. The cosmogenic nuclide-derived erosion 950 
rates reflect conditions in the sediment source area of the catchment. In contrast, Clift et al. 951 
(2008a) and Uba et al. (2007) studied changes in erosion for Asian rivers by investigating delta 952 
or marine sediment. If alluvial plains act to buffer the headwater fluvial response to climate 953 
variability, it is expected that this response will be different whether focusing on the sediment 954 
source region or including the alluvial plain. Sediment storage in alluvial plains can induce a 955 
time lag between the upstream fluvial response to external perturbations and its manifestation in 956 
estuaries/deltas or oceanic basins, resulting in a decoupling between the fluvial response in 957 
source and sink regions. For instance, uranium-series isotope studies of large river systems 958 
showed that it can take from a few to several 100 kyr for sediment to be transported from source 959 
to sink regions (Chabaux et al., 2012; Dosseto et al., 2006b; Granet et al., 2010; Granet et al., 960 
2007). For these reasons, caution must be taken when inferring links between erosion and 961 
climatic variability (or tectonic, or anthropic) from sedimentary deposits in oceanic basins, or 962 
simply far from sediment source regions. It is possible to reconcile cosmogenic nuclide studies 963 
and other type of works when acknowledging the time lag to transport “information” (i.e. fluvial 964 




The few available studies that have applied comminution dating to sedimentary deposits suggest 966 
that:  967 
1. The residence time of sediment in catchments follows glacial-interglacial periods, 968 
illustrating that fluvial dynamics is in sync with climatic cycles (at least at the 10-kyr 969 
to 100-kyr timescale);  970 
2. Variations in residence time reflect changes in sediment provenance. This implies that 971 
climate variability not only drives changes in erosion rates but also dictates what 972 
sediment stores are tapped by erosion.  973 
DePaolo et al. (2006) showed that in the north Atlantic, erosion of exposed European continental 974 
shelves was promoted, accounting for observed long regolith residence times during glacial 975 
periods. In southeastern Australia, the contrast in regolith regolith residence time between glacial 976 
and interglacial periods was not as marked as in the northern Atlantic. During interglacial 977 
periods, longer residence times were interpreted as the result of the mobilisation of alluvial 978 
deposits and/or old colluviums while the upper catchment delivered little sediment to the main 979 
channel. Vegetation cover was invoked as an important link between climate and catchment 980 
erosion, governing the origin of sediment (Dosseto et al., 2010). These results support the thesis 981 
that during warm periods, increased vegetation cover tends to inhibit erosion (Burbank et al., 982 
1993; Langbein and Schumm, 1958). More active erosion in the sediment source region during 983 
the LGM is consistent with observations in other regions where periglacial processes have 984 
occurred while mass wasting is marginal (Fuller et al., 2009; Schaller et al., 2002).  985 
5 Conclusions and perspectives 986 
When compared to the in-situ cosmogenic nuclide technique, which has benefited of decades of 987 




evolution problems is still in its infancy. Although uranium-series isotopes have been studied 989 
since the 1960’s, the complexity of the occurrence of radioactive disequilibrium in weathering 990 
products has hindered their application for a long time. It is only over the past ten years that there 991 
has been a rejuvenation of this technique, triggered by analytical advances in mass spectrometry. 992 
This is illustrated by the emergence of new approaches such as the comminution dating 993 
technique.  994 
The use of cosmogenic nuclides to determine catchment-wide erosion rates is widely used and 995 
accepted. The application to sedimentary archives offers a unique tool to determine erosion rates 996 
over the last few million years (e.g. Charreau et al., 2011) or the last glacial cycle (e.g., Fuller et 997 
al., 2009).  Studies where cosmogenic nuclide-derived palaeo-erosion rates are determined over 998 
the last glacial cycle illustrate that the actual change in erosion rate is damped and delayed 999 
because a time lag exists between a change in erosion rates and when it is actually recorded by 1000 
cosmogenic nuclide.  1001 
An exciting perspective is the combination of comminution age with cosmogenic nuclide. One 1002 
assumption of the cosmogenic nuclide technique to determine erosion rates is that the transport 1003 
time in the river system is short relative to the erosional timescale. While this is reasonable for 1004 
many small catchments, it is less likely to be true for large ones. Knowing the comminution age 1005 
(U-series) or floodplain sediment storage time (in situ-produced 
14
C) would help to correct for 1006 
the cosmogenic nuclide produced during transport of the sediment in the river system. 1007 
Unfortunately, the techniques of comminution age and cosmogenic nuclide make use of different 1008 
grain size fractions (<50 m for the former, generally >125 m for the latter). This means that 1009 
the comminution age may not be directly applicable to correct for the transport time of the 1010 







Be ratios opens the possibility to determine erosion as well as weathering rates 1012 
from fine-grained river sediment (Bacon et al., 2012; Nichols et al., 2014; Reusser and Bierman, 1013 
2010; von Blanckenburg et al., 2012; West et al., 2013; Wittmann et al., 2012). The grain size 1014 
fraction generally used in this technique (30-40 m) is comparable with that used in the 1015 
comminution age determination.   1016 
From the volume of work produced so far, we can summarise the contribution of cosmogenic 1017 
nuclide and U isotopes to the study of the catchment erosion response to climate change, as 1018 
follows: 1019 
1. At the 10-kyr to 100-kyr scale, regolith residence time is in sync with climatic cycles. 1020 
This reflects changes in the source of sediment. At the catchment scale, the role of 1021 
climate on vegetation cover is believed to be the main driver of the switch between 1022 
sediment sources. At a larger scale (e.g. North Atlantic), it is clearly seen in the 1023 
sedimentary record that sediment delivered to oceanic basins may undergo storage on 1024 
continental shelves for long periods of time, depending on sea level fluctuations; 1025 
2. Periglacial processes have a major role on how catchment erosion responds to climatic 1026 
variability at the 10-kyr scale. In their absence, erosion is faster during warm periods; 1027 
while where they occur, the response varies; 1028 
3. In settings where periglacial processes occur, mass wasting and the magnitude of erosion 1029 
rates dictate the relationship between climate and erosion. In fast eroding terrains where 1030 
mass wasting dominates (e.g. Himalaya, Andes), erosion is faster during warm periods; 1031 
while it is slower in regions characterised by more moderate erosion rates and marginal 1032 




In the future, U-series and cosmogenic nuclide should be combined with other tools and 1034 
approaches to specifically test the relationships described above. This will lead to an improving 1035 
understanding of how natural systems operate, and will also assist in how to better plan for the 1036 
future in a changing environment. 1037 
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Figures caption 1043 
 1044 
 1045 
Figure 1. Conceptual representation of regolith transit from source to sink. Regolith (polygons) 1046 
“enters” the catchment at the weathering front. At that moment, the U isotope clock starts 1047 
“ticking”. In situ-produced cosmogenic nuclides start accumulating in the regolith only when 1048 
erosion brings them within ~2-3m of Earth’s surface. Thus, if the weathering profile is thicker 1049 
than 2m, the U isotope clock starts ticking before the cosmogenic nuclide clock. The regolith 1050 
residence time in the catchment, as inferred by uranium isotopes, amounts to the sum of storage 1051 
in weathering profiles, hillslope and fluvial transport. Cosmogenic nuclides accumulate 1052 
continuously in regolith during erosion within the top 2-3m of the weathering profile and the 1053 
hillslope. Then, during fluvial transport and final deposition, cosmogenic nuclide concentrations 1054 









Figure 2. Conceptual representation of the comminution age and the regolith residence time 1061 










Figure 3. Approach for evaluating the adequacy of sample leaching (Lee, 2009; Martin et al., 1069 




U) ratio in the 1070 




U) >1, a protocol 1071 




U) ratio higher than with 1072 
the optimum protocol. In contrast, if the protocol is too aggressive and attacks the surface of 1073 
rock-derived minerals, the rind that contains the 
234
U depletion will be partially or completely 1074 




U) ratio in the leached residue higher than if the surface were 1075 







Figure 4. Modelled variation of the recoil loss fraction, f4, with time for different values of Tmax, 1080 
the amount of time required to create a particle of maximum roughness. See text for details. 1081 
 1082 






Figure 5. Difference between calculated comminution ages considering a time-dependent f4 and a 1086 
constant f4, as a function of the true comminution age. See text for details. 1087 
 1088 






Figure 6. Production rate of in situ-produced cosmogenic 
10
Be as a function of depth, at sea-level 1092 
and high latitude. The total production is a composite of production by spallation (nucleons such 1093 
as protons and neutrons), fast and stopped muons. Production in rock is dominated by muons at 1094 








Figure 7. Models illustrating how cosmogenic nuclide-derived erosion rates (solid curves) record 1100 
modelled input (true) erosion rates (dashed curves). Cosmogenic nuclide-derived erosion rates 1101 
lag behind the input erosion rate and may not equilibrate with it. Depending on the periodicity, 1102 




derived rate lags more or less behind the input erosion rate. This lag-time  is reflected in the 1104 
phase-lag (in kyr) of the maximum cosmogenic nuclide-derived to the input erosion rate. For 1105 
instance, three different periodicities (23, 41, and 100 kyr) are shown for two different mean 1106 
input erosion rates (1,000 mm/kyr (a–c) and 100 mm/yr (d–f)), but constant amplitude factor 1107 
(0.5). The phase-lag increases with longer periodicity (a–c or d–f) or decreasing mean input 1108 
erosion rates (e.g. a and d). Taken from Schaller and Ehlers (2006). 1109 









Be used to derive deposition ages (Balco and 1112 
Rovey, 2008). For instance, several clasts are collected at the same depth of the sediment deposit, 1113 
but contain different inherited nuclide concentrations. The concentrations of the clasts at the time 1114 
of deposition form a line (isochron) in this diagram whose slope is defined by the production 1115 
ratio of the two cosmogenic nuclides. Following decay and possible post-depositional irradiation, 1116 
the slope of the isochron decreases with increasing time since deposition. The slope of the 1117 
isochron can then be used to determine the burial age of the clast layer. 1118 
 1119 
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U) activity ratio in deep-sea sediment from ODP Site 984A as a function of 1123 
their deposition age (DePaolo et al. 2006). Two sediment populations were identified, reflecting 1124 








Sr) and continental 1125 








Sr). Two values for the recoil loss fraction, f4 1126 
(termed f in DePaolo et al. 2006), were determined graphically from the intercept of the dashed 1127 
lines with  which is equal to (1 – f4). The upper dashed line corresponds to the 1128 
Iceland sediment end-member (f4 = 0.135), while the lower dashed line corresponds to the 1129 










Figure 10. (a) Nd isotope ratios and (b) calculated regolith residence times in deep-sea sediment 1133 
from ODP Site 984A (DePaolo et al. 2006). Nd isotope compositions reflect variations in 1134 




Regolith residence times also reflect these changes in sediment source: during interglacials, 1136 
sediment was mostly derived from Iceland and characterised by a short residence time (i.e. rapid 1137 
delivery to the depositional environment), while during glacial periods Iceland being covered by 1138 
a thick ice sheet, sediment was mostly derived from continental Europe and characterised by 1139 
long residence times (probably reflecting storage on continental shelves exposed and eroded 1140 
during glacial periods). Modified from DePaolo et al. (2006). 1141 





Figure 11. Variations of the regolith residence time in the Murrumbidgee catchment as a function 1144 
of the deposition age. The residence time is compared to (a) suggested mean annual precipitation (in mm) 1145 
(Kershaw, 1986) and (b) percentage of trees and shrubs in pollen data from DSDP site 594  (Barrows et 1146 
al., 2007; Heusser and van de Geer, 1994). Uncertainties on the residence time are given at the 2 level. 1147 
A high percentage of trees+shrubs indicates that the upper catchment was mostly covered by trees, 1148 
whereas a low percentage suggests that shrubs were mostly present. Modified from Dosseto et al. (2010). 1149 
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Figure 12. Late Pleistocene to Holocene cosmogenic nuclide-derived erosion rates from seven 1154 
sites that span over the last 30 to 60 kyr. Study areas range from California (Fuller et al., 2009) 1155 
and Oregon (Marshall et al., 2015) in the Western USA, Southern Peru (McPhillips et al., 2013; 1156 
Bekaddour et al., 2014), Central Europe (Schaller et al., 2002) to Texas, USA (Hidy et al., 2014). 1157 
Erosion rates are plotted as reported by the authors. No re-calculation was done for consistent 1158 
production rates and half-lives. 1159 






Figure 13. Cosmogenic nuclide-derived erosion rates from two locations spanning over more 1163 
than a million years. In the Tian Shan (Charreau et al., 2011) increased rates at 2 million years 1164 
are attributed to onset of glaciation. The observed increase in erosion rates of the Meuse river 1165 
(Schaller et al., 2004) could be caused by the Middle Pleistocene transition. However, in both 1166 
cases the influence of tectonic changes on erosion rates cannot be excluded. 1167 
 1168 
 1169 





Table 1. Glossary of terms used 1172 
Term Definition (as used by the authors) 
Erosion This process involves transport of material, whether it is physical 
erosion (sediment transport) or chemical erosion (solute transport). 
Weathering Transformation of the parent rock to smaller constituent blocks 
either by physical (e.g. frost shattering, root action) or chemical 
weathering (e.g mineral dissolution). 
Regolith The solid product of erosion, i.e. the residue of physical and 
chemical weathering of the parent rock. The term regolith includes 
saprolite and soil. 
Saprolite The solid residue of physical and chemical weathering of the 
parent rock; it is immobile (i.e. no colluvial transport) and 
generally preserves some physical structure of the parent rock. 
Soil The solid residue of physical and chemical weathering of the 
parent rock. It is mobile (i.e. can be transported from the 
weathering profile) and is produced from the saprolite or directly 
from the parent rock. 
Comminution age The amount of time elapsed since a material acquired its final size 
and surface properties. When applied to erosion products, it is 
assumed to represent the amount of time since production of fine-
grained regolith from the parent rock. 
Regolith residence time The residence time of regolith in a catchment (before final 
deposition in a fluvial terrace, palaeo-channel, lake or ocean). This 
time tracks the travel of regolith from source to sink and 
encompasses (i) storage in weathering profile, (ii) hillslope 
transport, (iii) fluvial transport and (iv) possible temporary storage 
in an alluvial plain. Note the term “transport time” is used in 
DePaolo et al. (2006) and Lee et al. (2010) instead of residence 
time. However, the term “transport time” can be easily confused 
with the time of fluvial transport, which is only a fraction of the 
residence time.  
 1173 
 1174 




Table 2. Parameters used for U-series isotope models 1176 
Parameter Description Units 




U, respectively atoms.g-1 




U, respectively yr-1 












U, respectively yr-1 
f4 Fraction of recoiled 
234
Th (and thus 
234
U) unitless 
tcomm Comminution age yr 
recoil Timescale of 
234
U depletion by recoil yr 
dissolution Timescale for removing a layer of thickness 
equivalent to the 
234
Th recoil length by dissolution 
yr 
R Mineral dissolution rate mol.m-2.yr-1 
M Mineral molar mass g.mol-1 
U Uranium concentration g.g-1 
L Recoil length m 
r Mineral grain radius m 
r or s Surface roughness unitless 
 Grain shape factor unitless (=6 for a sphere) 
 Mineral grain aspect ratio unitless 
𝑋𝑑𝑝̅̅ ̅̅  Mass or volume fraction of sediment over a given 
grain size interval 
unitless 
𝑑𝑝̅̅ ̅ Mean particle diameter for a given grain size 
interval 
m 
S or A Specific surface area m2.g-1 
 Density  g.m
-3 
a Size of the adsorbate molecule used for surface 
area measurement 
m 







Table 3. Protocol for sequential leaching of soil and sediment samples (Martin et al., 2015) 1180 
Leached fraction Reagents Process 
Carbonates 16 mL of sodium acetate 
adjusted to pH 5 with acetic 
acid + 30 mg of sodium 
citrate 
Agitate at room temperature for >5 hours. 
Fe-Mn oxides 40 mL of hydroxylamine 
hydrochloride in 25% (v/v) 
acetic acid + 30 mg of sodium 
citrate 
Heat at 95°C for 6 hours, occasionally 
agitating. 
Organics – step 1 6 mL 0.02M nitric acid + 10 
mL 30% hydrogen peroxide, 
adjusted to pH 2 with nitric 
acid + 30 mg of sodium 
citrate 
Allow organic matter to react with 
hydrogen peroxide solution at room 
temperature for 5-20 min (longer for 
higher organic content), then warm 
slowly until bubbling from the strongly 
exothermic reaction diminishes (total of 
30 min). Heat at 85°C for 1.5 hours, 
occasionally agitating. 
Organics – step 2 6 mL 30% hydrogen 
peroxide, adjusted to pH 2 
with nitric acid + 30 mg of 
sodium citrate 
Heat at 85°C for 3 hours, occasionally 
agitating. 
Organics – step 3 10 mL ammonium acetate in 
20% (v/v) nitric acid + 30 mg 
of sodium citrate 
Dilute total volume to 40 mL with 18.2 
MΩ water. Agitate at room temperature 
for 30 minutes. 
Final step 20 mL 0.3M HF-0.1M HCl Agitate at room temperature for 4 hours. 
Reagent volumes are given for 2g of sample. 1181 
 1182 
 1183 




Table 4. Calculated 
234
Th recoil lengths for U-bearing mineral phases and common minerals 1185 





Zircon 19.2a – 22.7b 
Quartz 28.8a 
Apatite 26.8 b 




Calcite 29.8 d 
Kaolinite 30.0 d 
Gibbsite 36.9 d 
a
 calculated as in Hashimoto et al. (1985); 
b
 calculated with the SRIM 2012 software (Ziegler et 1186 
al., 1996); 
c
 theoretical value from Jonckheere and Gögen (2001); 
d
 calculated with the SRIM 1187 
software in Maher et al. (2006a). 1188 




Table 5. Parameters used for in situ-produced cosmogenic nuclife models 1190 
Parameter Description Units 




Ctot Total nuclide concentration in sediment archive atoms.g
-1 
Cin Inherited nuclide concentration atoms.g
-1 
Cdeo Post-depositional nuclide concentration atoms.g
-1 





t Time since deposition of the sediment yr 
 Decay constant of cosmogenic nuclide yr
-1 
 Erosion rate cm.yr
-1 
 Density  g.m
-3 









Table 6. Simplified summary of selected works studying the impact of past climate change on erosion  1194 
Reference Region Timescale Driver Impact on erosion  Comments 
(Burbank et al., 1993) Himalaya <10 Myr + monsoon - erosion Monsoon intensification at 8 Myr 
suggested to result in reduced 
mechanical weathering. 
(Derry and France-Lanord, 
1996) 
Himalaya <20 Myr + monsoon - erosion Monsoon intensification between 7 
and 1Myr, at a time of more intense 
chemical weathering and reduced 
physical erosion. 
(Clift, 2006) Himalaya <20 Myr + temperature, 
moisture 
+ erosion Erosion promoted during warm, 
humid mid-Miocene. 
(Bookhagen et al., 2006) Himalaya Early 
Holocene 
+ monsoon + erosion  
(Clift et al., 2008) Himalaya <15 kyr + monsoon + erosion Erosion of the Lesser Himalaya 
triggered by monsoon intensification 
at 14 kyr. 
(Willenbring and Von 
Blanckenburg, 2010) 




(Hu et al., 2012) Taiwan <14 kyr + monsoon + erosion Intensification of the monsoon at 14 
kyr results in more active erosion in 
Taiwan.  
(Uba et al., 2007) Andes <5 Myr + monsoon + sediment 
accumulation 
 
Cosmogenic nuclide studies      
(Schaller et al., 2002) Western 
Europe 
<30 kyr Deglaciation - erosion  
(Fuller et al., 2009) Western USA <30 kyr - temperature + erosion Highest erosion rates during the late 
Pleistocene (20-30 kyr ago) 





(Schaller et al., 2004) Western 
Europe 
<1.3 Myr + amplitude and 
duration of 
climatic cycles, + 
uplift 
+ erosion  
(McPhillips et al., 2013) Peru 0-16 kyr + rainfall + erosion  
(Bekaddour et al., 2014) Peru <50 kyr + rainfall + erosion  
(Hidy et al., 2014) Texas, USA <500 kyr + temperature + erosion  
(Balco and Stone, 2005) Western USA 0.6-0.7 Myr Basin subsidence + erosion No relationship between climatic 
cycles and erosion rates.  
(Charreau et al., 2011) Tibet <9 Myr Onset of 
glaciations 
+ erosion  
Uranium isotope studies      
(DePaolo et al., 2006) North Atlantic <400 kyr Glaciations  + regolith residence 
time 
Erosion of exposed continental 
shelves, where sediment is stored for 
extensive periods of time. 
(Dosseto et al., 2010) Southeastern 
Australia 
<100 kyr Climate and 
vegetation 
shorter residence 
time during drier 
periods with sparse 
vegetation 
Vegetation change in the regolith 
source region (shrubs) promotes active 
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